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Storage pressures of magma reservoirs influence the style, frequency and 17 
magnitude of volcanic eruptions. Neutral buoyancy or rheological transitions are commonly 18 
assumed to control where magmas accumulate and form such reservoirs. However, the 19 
density of volatile-rich silicic magmas is typically lower than the surrounding crust, and the 20 
rheology of the crust alone does not control the depth of the brittle-ductile transition 21 
around a magma reservoir. Yet, typical storage pressures inferred from geophysical 22 
inversions or petrological methods seem to cluster around 2  0.5 kbar in all tectonic 23 
settings and crustal compositions. Here, we use thermo-mechanical modeling to show that 24 
storage pressure is controlled by volatile exsolution and crustal rheology. At pressures ≲1.5 25 
kbar, and for geologically realistic water contents, reservoir volumes, and recharge rates, 26 
the presence of an exsolved magmatic volatile phase hinders reservoir growth because 27 
eruptive volumes are typically larger than recharges feeding the system during periods of 28 
dormancy. At pressures ≳2.5 kbar, the viscosity of the crust in long-lived magmatic 29 
provinces is sufficiently low to inhibit most eruptions. Sustainable eruptible magma 30 
reservoirs are able to develop only within a relatively narrow range of pressures around 2 31 
 0.5 kbar, where the amount of exsolved volatiles fosters growth while the high viscosity 32 
of the crust promotes the necessary overpressurization for eruption. 33 
 34 
 35 
Over the last decades, a polybaric view of magmatic differentiation has emerged (see 36 
early ideas in 1,2), referred to as “crustal distillation columns” with multiple levels of storage 37 
and differentiation3. However, the depth/pressure at which magmas stall and the processes 38 
that control those storage depths remain controversial4. Magmas are typically thought to 39 
accumulate first at the crust-mantle boundary, forming deep crustal mush zones (MASH 5 or 40 
hot zones 6) and then again at shallow depths, potentially leading to two main storage levels3. 41 
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However, other conceptual models have suggested several additional storage levels in the 42 
lower to mid-crust (4,7).  43 
Magma storage pressure is a fundamental variable that controls volatile exsolution 44 
and mineral phase assemblages, impacting chemical differentiation and eruptive styles of 45 
magmas as they ascend to the surface. Pressure is unfortunately one of the most difficult 46 
thermodynamic variables to constrain; its estimate by any method (e.g., mineral barometry, 47 
volatile saturation pressures in melts, geophysical imaging of active systems) is subject to 48 
assumptions that can be challenging to validate. Here we present a complementary approach, 49 
focusing on mechanical processes thought to play a role in trapping magmas in the crust.  50 
Crustal magma reservoirs are thought to form by the amalgamation of sill- and dike-51 
like intrusions that transport magma vertically from deeper sources (8-10). Therefore, 52 
understanding the depth at which these reservoirs form requires knowledge about 1) the 53 
processes that cause dikes and sills to stall in the subsurface; and 2) the processes that allow 54 
subsequent growth of the incipient magma reservoirs11. Dike arrest and deflection into sills 55 
are largely governed by fracture mechanics, and some commonly cited controls include 56 
neutral buoyancy (12,13), rheological and rigidity contrasts (14,15), and reorientation of stresses 57 
(9). Although dike propagation occurs over short timescales where the host crust behaves 58 
elastically, the growth of subvolcanic magma reservoirs occurs on longer timescales allowing 59 
for ductile deformation of the crust to play a role. The observation that magma transport in 60 
the upper crust occurs by brittle deformation, while storage requires some amount of crustal 61 
creep, is the reason that the “brittle-ductile” transition commonly is invoked as the primary 62 
control on the depth of silicic magma reservoirs (e.g.16-18).  63 
 64 
Brittle-ductile transition and the depth of magma chambers 65 
Within the context of the brittle-ductile transition, a magma chamber can grow if the 66 
crust can deform in a ductile manner in response to recharges, limiting the pressure build-up 67 
within the magma reservoir and inhibiting eruptions. Although the brittle-ductile transition 68 
may influence the depth of emplacement of magma reservoirs, it is an incomplete argument. 69 
Indeed, the rheology of the crust – whether it is brittle or ductile – depends not only on the 70 
temperature (e.g., 19) but also on the strain rate. In the context of magma reservoir growth, 71 
the strain rate is a function of the rate of pressure build-up in the magma chamber, which 72 
depends on the reservoir volume, compressibility, and magma recharge rate11. Therefore, 73 
even considering the same crustal composition and temperature, the “brittle-ductile 74 
transition” may occur at different depths for different rates of pressure loading in the 75 
reservoir20. Moreover, the conditions required for magma reservoir growth in erupting 76 
systems (mass loss at the surface) remain puzzling. Hence, we focus here on conditions that 77 
need to be fulfilled for magma reservoirs to grow while the system remains volcanically active.  78 
We posit here that exsolved magmatic volatiles play an important role in the growth 79 
of subvolcanic reservoirs by regulating the size of eruptions. Reservoir growth occurs by 80 
recharge (mass addition), and is limited or balanced out by eruption (mass loss). The role of 81 
exsolved volatiles is key for eruption volume (e.g., 21); the presence of an exsolved gas phase 82 
in the reservoir can significantly enhance the mass of magma erupted during a single event. 83 
Additionally, 3-phase thermo-mechanical modeling of volcanic systems demonstrated that 84 
exsolved volatiles damp the build-up of pressure in shallow magma reservoirs caused by 85 
recharges during periods between eruptions22,23. The presence and exsolution of volatiles 86 
therefore exerts a fundamental control on the proportion of the magma emplaced in the 87 
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reservoir that is later erupted, and hence the propensity of magma reservoirs to grow, stall 88 
or shrink over time24,21.  89 
A multiphase framework for magma reservoir evolution is required to identify the 90 
conditions that are most favorable to the growth of large eruptible chambers of silicic 91 
magmas in the crust. We consider the magma chamber to be the eruptible portion of the 92 
magma reservoir, which contains the chamber as well as the surrounding mush. The physical 93 
model used here includes (1) a visco-elastic rheology for the host response to pressure 94 
changes in the chamber and (2) the evolution of an open multiphase magma chamber 95 
(crystal-melt-exsolved volatiles) in response to magma recharges, eruptions, and cooling25. 96 
The model, based on mass and enthalpy conservation equations (see Supplementary 97 
material), was run for more than 500 simulations initiated at a temperature of 930 °C just 98 
below the magma liquidus (950 °C) and stopped when the magma reached a critical 99 
crystallinity of 50 vol. %, where it is assumed no longer eruptible. These >500 simulations 100 
cover a parameter space of initial magma water content that ranges from 4 to 7 wt% 101 
(increments of 1 wt%), lithostatic pressure from 1 to 3 kbar (increments of 0.25 kbar), initial 102 
eruptible volumes in the chamber ranging from 0.1 to 10 km3 and long-term averaged magma 103 
recharge rates of 10-5 to 10-3 km3/yr. We consider a continuous and fixed set of recharge rates 104 
because our objective is to understand the growth and eruptible behavior of chambers over 105 
their lifespan rather than single events of recharge and their eruption triggering potential. 106 
The effect of short-term transient variations in recharge rate on magma chamber dynamics 107 
was studied in ref. 22. 108 
The background geotherm (in the far-field) is set to 30 °C/km, such that the far-field 109 
temperature varies with the storage depth (a range of far-field geotherms is considered in 110 
the supplementary material). The temperature-dependent flow law for the rheology of the 111 
crust (from 26) is the same as the one previously used in thermo-mechanical models27,28. The 112 
goal of the simulations is to determine the subdomain in parameter space (initial chamber 113 
volume, recharge rate, depth and magma water content) where the following two conditions 114 
are satisfied: (1) the magma chamber grows (by mass) over the course of the simulation and 115 
(2) the magma chamber is capable of eruptions (mass withdrawal from the chamber). As such, 116 
we are not considering internal processes such as mixing or chemical zonation or 117 
stratification, but focus on the balance between pressure evolution, crustal response, and 118 
crystallization-exsolution that is essential to capture the long-term evolution (growth and 119 
eruption) of these magma bodies. 120 
 121 
Grow versus blow 122 
The processes that govern repose and eruption cycles at volcanoes are complex and 123 
tightly coupled. It is possible, however, to characterize the dynamics of a chamber subjected 124 
to magma injection and eruptions using a simplified framework that consists of three 125 
competing timescales25: 126 
  The cooling timescale of a magma body is defined by cool=R2/ with R a 127 
characteristic length-scale of the chamber (or effective radius),  the thermal 128 
diffusivity of host rocks. This timescale controls the internal evolution of the 129 
magma chamber in terms of volume fraction of melt, crystals and exsolved 130 
volatiles. By extension, it affects the thermal and mechanical response of the 131 
magma body to recharges and eruptions.  132 
 The relaxation timescale relax = eff/pc, where eff is the effective flow law of 133 
the crustal material evaluated at initial conditions (here taken from 26) and pc 134 
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is the critical overpressure that leads to eruptions. The relaxation timescale 135 
characterizes the ability of the crust to relax changes in pressure in the 136 
chamber by creep.  137 
 The injection timescale inj=M/?̇?inj, with ?̇?inj the mass influx rate of magma 138 
into the chamber and M the mass of magma already present in the chamber. 139 
By convention, we report the injection rate in units of km3/yr = ?̇?inj/, where 140 
 is the density of the magma injected.  141 
From these three timescales, we define two dimensionless ratios 1=cool/inj (akin to a Peclet 142 
number) and 2= relax/inj (akin to a Deborah number). 143 
On the basis of several hundreds of simulations run at a fixed pressure of 2 kbar and 144 
considering a magma containing initially 5 wt% water (Figure 1), three different regimes can 145 
be identified: 146 
 147 
1. the chamber grows and erupts over the course of the simulation; this occurs when 148 
the injection timescale is smaller than both relaxation and cooling timescales (1>1 149 
and 2>1), 150 
2. the chamber grows but does not erupt, leading to the growth of plutonic roots. This 151 
regime occurs when the relaxation timescale is short compared to the injection 152 
timescale (crust is compliant and efficient at dissipating overpressure), and 2/1<1, 153 
3. the chamber erupts but shrinks (more mass is erupted than added by recharges over 154 
time; 2>1 and 1<1), leading to shrinking chambers. 155 
  156 
The boundaries between these domains illustrate that both internal (cooling causing 157 
crystallization and exsolution, pressure increase by recharges) and external factors (rheology 158 
of the crust) control magma chamber growth, stability and longevity. 159 
 160 
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 161 
Figure 1: Regime diagram showing the evolution of magma chambers at a pressure of 2 kbar. The magma contains initially 162 
5 wt % water. The x-axis refers to the ratio of the cooling and injection timescales (more rapid injection rates to the right) and 163 
the y-axis describes the ability of the crust to accommodate the mass change in the chamber (high = elastic behavior of the 164 
crust, low ductile deformation). Additional simulations tested with a different critical overpressure (20 MPa) show a 165 
qualitatively similar behavior with a slightly larger domain for simulations that undergo eruptions (case 1). 166 
A sweet spot around 2 kbar 167 
Running additional simulations over a range of depth (i.e. lithostatic pressure and 168 
temperature) and magma water content values leads to three major observations (Figure 2). 169 
First, some conditions of magma recharge and initial magma chamber size do not yield any 170 
solution for chambers simultaneously growing and erupting. This is true for large chambers 171 
and small recharge fluxes and it is consistent with recharges being too weak to trigger 172 
eruptions25. Second, the pressure range where magma chambers are found to grow while 173 
being tapped by eruptions (in red) is restricted around 2  0.5 kbar. Third, the boundary 174 
between eruptible and non-eruptible growing magma chambers (Case 1 and 2) is dominantly 175 
vertical to subvertical (i.e., independent of the water content in the chamber), implying that 176 
the transition is largely independent of the internal state of the chamber; it is mostly 177 
controlled by the depth of the chamber, the size of the chamber and the magma recharge 178 
rate. As the recharge rate increases, the boundary shifts to greater depth because pressure-179 
build-up is more rapid and can compete with the timescale for host-rock to relax stress by 180 
creep at greater depths. Considering fast recharge rates, an opposite effect (shallowing of the 181 
boundary) occurs with increasing chamber volume, because, for a given recharge rate, 182 
pressure build-up is slower in a larger chamber and therefore more prone to be 183 
accommodated by creep in the host rocks.  184 
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  185 
 186 
Figure 2. Regime diagrams of eruptible and growing chambers as function of magma water content, depth, magma 187 
recharge rate and initial volume. Each plot shows three regions. The blue region represents conditions that are favorable to 188 
volcanic eruptions, but where the mass of magma stored shrinks with time (short-lived systems that cannot build up to large 189 
volumes). The red region highlights the regime where magma chambers are eruptible and grow. The pink region shows the 190 
regime where magma chambers grow, but do not erupt (will ultimately form plutonic material). The white dashed line shows 191 
the water solubility curve (based on 29). 192 
The boundary that separates the two regimes of eruptible chambers (case 1 and 3) at 193 
low pressure is also dominantly sub-vertical. At high water content (> 5 wt% H2O), saturation 194 
in a Magmatic Volatile Phase (MVP) is reached at or near the liquidus while at slightly lower 195 
water content (~4 wt %), MVP saturation is reached after only a few tens of percent 196 
crystallization. This behavior is consistent with the shallowing of the transition between 197 
growing and shrinking chambers to follow a trend subparallel to the slope of the solubility 198 
curve (white dashed line) for chambers subjected to fast recharge rates and magmas with low 199 
water content.  200 
The cause for overall mass loss in shallow chambers (<~1.5 kbar) is cooling and 201 
crystallization-driven exsolution during the interval between eruptions (dormancy periods). 202 
If a chamber can significantly exsolve volatiles during its repose phase, the eruption volume 203 
and mass can exceed the mass supplied by recharges (this is true for all recharge rates tested 204 
here). This also explains the shallowing of the transition at low water content, because the 205 
behavior is mostly absent in chambers that do not undergo significant second boiling. In 206 
addition, the cooling caused by an eruption is more significant for chambers containing a 207 
significant mass of exsolved volatiles. The smaller erupting chambers will therefore also cool 208 
faster, creating a positive feedback that leads to rapid solidification.  209 
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 210 
Pressure at storage conditions 211 
A large proportion of petrological studies rely on melt inclusion data or mineral 212 
barometry (see compilation by 4,30-33). However, trapping melt inclusions typically occurs 213 
during rapid mineral growth, potentially leading to boundary layer effects34 and behavior as 214 
imperfect pressure vessels, especially in mineral phases that cleave or crack easily (such as 215 
plagioclases or pyroxenes). During decompression associated with eruptions, melt inclusions 216 
can leak and record low pressures that may not relate to the reservoir conditions (e.g., 217 
recording depths of < 2-3 km, 35-37). For silicic magmas, studies that report compositions of 218 
pristine quartz-hosted melt inclusions likely provide the most reliable pressure estimates 219 
(e.g., 38-40). Similarly, mineral barometry suffers from inaccuracies related to the fact that 220 
compositional parameters in minerals are not only pressure-sensitive, but also strongly 221 
depend on temperature and melt composition. For example, when amphibole phenocrysts 222 
grow from a melt that is saturated with multiple other phases (e.g., quartz, biotite, 2 223 
feldspars), then the degrees of freedom in the melt composition are limited (system is said to 224 
be compositionally buffered), and pressure values tend to be more reliable using the latest 225 
barometric calculations (see for example 41,42). However, when magmas have less mineral 226 
diversity, amphibole compositions can strongly vary as a function of melt composition, and 227 
barometric calculations can be unreliable43,31.  228 
Constraining the volume and depth of shallow magma reservoirs from geophysical 229 
images is also challenging because resolution is typically low, and active volcanoes often host 230 
a hydrothermal system above the reservoir, where hot fluids circulate in the permeable crust 231 
18. From geophysical inversions, hydrothermal systems are not easy to distinguish from 232 
regions where silicate melt accumulates, because both share similar signatures (density 233 
significantly lower than surrounding crust, high electric conductivity, low Vs, high Vp/Vs, e.g., 234 
44-46). Similarly, during unrest periods at a volcanic edifice, it is expected that the hydrothermal 235 
circulation and possibly boiling of water can lead to pressure changes that are detected by 236 
geodetic surveys47,48, leading again to a bias for shallow structures.  237 
With these caveats in mind, we summarize published petrologic and geophysical data 238 
on storage depths for various volcanic centers (Figure 3). While this is not an exhaustive list, 239 
the data selected follows selection criteria discussed above (e.g., quartz-hosted melt 240 
inclusions, pristine amphibole composition with buffering mineral assemblage, well-241 
characterized experimental constraints). All three independent techniques (mineral and melt 242 
inclusion barometry and geophysical imaging) converge towards an average pressure 2 ± 0.5 243 
kbar for the emplacement of the subvolcanic reservoirs that feed most intermediate to silicic 244 
eruptions. This optimal pressure range is well known to experimental petrologists, who 245 
commonly use 2 kbar as the default pressure for many of their runs49-51. This observation 246 
holds true across tectonic settings, and all differentiation trends.  247 
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 248 
Figure 3. Pressure distribution where melt/active magma reservoir is inferred from petrology or geophysical 249 
methods. In A, double arrows represent pressure uncertainty as provided by the referenced studies; Bishop Tuff40, Kos Plateau 250 
Tuff38, Pinatubo52, Toba Tuff53 and Pine Grove54 estimates from melt inclusions (in quartz), Laguna del Maule55 from 251 
amphibole geobarometry. St Helens, Vesuvius and Aso pressure distributions are retrieved from geophysical inversion on 252 
Vp56, Vs57, and Magnetotellurics58. Stars for St Helens refer to pressure estimates from experimental petrology59,50. Depth to 253 
pressure conversion assumes here a crust with an average density of 2750 kg/m3. B and C: map and Vs profile in Northern 254 
Japan (modified from60).  255 
 256 
Evolution and imaging of magmatic columns 257 
Our model results provide a process-based understanding on several important 258 
aspects of polybaric evolution in water-rich silicic magma reservoirs in the middle to upper 259 
crust. These reservoirs are able to form around pressures of about 1.5-2.5 kbar because (1) 260 
the crust is compliant enough to host growing magma bodies and (2) the abundance of 261 
exsolved volatiles and efficiency of exsolution is limited enough for eruptions not to mobilize 262 
more magma than what is supplied. Interestingly, although magma reservoirs are able to 263 
grow more efficiently at pressures above 2.5 kbar in our model, the magma emplaced at these 264 
depths or deeper does generally not contribute directly to the volcanic record unless 265 
exceptionally large recharge rates are considered (long-term averaged fluxes >>10-3 km3/yr).  266 
Our simulations suggest that (1) only transient magma bodies (unable to grow to any 267 
significant size) form at pressures below 1.5 kbar, (2) eruptible and long-lived (potentially 268 
large) bodies form between 1.5 and 2.5 kbar and (3) large non-eruptible feeding/recharge 269 
roots emplace below, in excellent agreement with experimental petrology61,62, observations 270 
from geophysical imaging63,64,56,65,66, melt inclusion data38,40 and mineral and melt 271 
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barometry55,67 for different silicic volcanic centers that are capable of eruption volumes 272 
spanning 3 orders of magnitude (Figure 4). With variable tectonic stresses, as well as magma 273 
and volatile compositions, the pressure bounds (here suggested to be ~1.5 to 2.5 kbar) will 274 
change slightly, but the existence of an optimal entrapment depth in the upper crust for 275 
erupting reservoirs will abide.  276 
 277 
 278 
Figure 4. Summary diagram comparing numerical simulations with geophysical and petrological data. Example from a 279 
numerical simulation of Figure 2 and comparison with seismic tomography (active) at Mt St-Helens56, melt inclusion data 280 
from the Bishop Tuff, Long Valley caldera40 and amphibole geobarometry at Laguna del Maule, Chile55. 281 
Data and code availability 282 
This project did not produce new data. Codes and simulations outputs are available upon 283 
request to christian_huber@brown.edu. 284 
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Methods 496 
The physical model is based on the conservation of total mass, water and enthalpy in a 497 
homogeneous magma chamber (see reference 25), and it is discussed in greater details in the 498 
extended methods. The overpressure threshold set for the initiation of dikes was 20 MPa, but 499 
similar results were obtained with 40 MPa. The datasets generated during this study (outputs 500 
from numerical simulations) and the codes used to generate the results are available from 501 
the corresponding author. 502 
1. Model Description 503 
We use the physical model of Degruyter and Huber (2014) and extended by Townsend et al. 504 
(2019) to describe the evolution of a magma reservoir. The model is designed to study the 505 
interaction of first-order processes that govern the capability for a magma reservoir to grow 506 
and erupt during its lifetime. The model considers an eruptible portion of magma referred to 507 
as the magma chamber sitting in a colder, viscoelastic region that represents the transition 508 
from a mush in the proximity of the chamber to the surrounding crust in the far field. We 509 
assume that the main processes involved are (1) magma recharge, (2) crystallization, (3) 510 
volatile exsolution, (4) heat loss to the surroundings, (5) viscoelastic response of the 511 
surroundings in response to volume changes in the chamber, and (6) mass withdrawal due to 512 
eruptions (Figure S1). 513 
 514 
 515 
Figure S1: Schematic diagram of the model. 516 
 517 
1.1 Governing equations 518 
The governing equations of the model are conservation of mass, water, and energy applied 519 
to the magma chamber, which we can write concisely as: 520 
𝑑𝑀
𝑑𝑡
= ?̇?𝑖𝑛 − ?̇?𝑜𝑢𝑡 ,                      (S1) 521 
𝑑𝑀𝑤
𝑑𝑡
= ?̇?𝑖𝑛
𝑤 − ?̇?𝑜𝑢𝑡
𝑤  ,                      (S2) 522 
𝑑𝐻
𝑑𝑡
= ?̇?𝑖𝑛 − ?̇?𝑜𝑢𝑡 ,                      (S3) 523 
where M, Mw, and H represent the (total) mass, the water mass and the enthalpy of the 524 
magma chamber, respectively. The subscripts “in” and “out” indicate source and sink terms, 525 
respectively. 526 
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1.2 Constitutive equations 527 
The time evolution of the magma chamber volume (V), melt (ρm) and crystal density (ρX) are 528 
described by the following relationships: 529 
 
𝑑𝑉
𝑑𝑡
=
1
𝛽𝑟
𝑑𝑃
𝑑𝑡
+
∆𝑃
𝜂𝑟
− 𝛼𝑟
𝑑𝑇
𝑑𝑡
 ,                (S4) 530 
𝑑𝜌𝑚
𝑑𝑡
=
1
𝛽𝑚
𝑑𝑃
𝑑𝑡
− 𝛼𝑚
𝑑𝑇
𝑑𝑡
 ,                     (S5) 531 
𝑑𝜌𝑋
𝑑𝑡
=
1
𝛽𝑋
𝑑𝑃
𝑑𝑡
− 𝛼𝑋
𝑑𝑇
𝑑𝑡
 ,                       (S6) 532 
with T temperature and P pressure in the chamber. α and  are the thermal expansion 533 
coefficient (10-5 K-1) and bulk modulus (1010 Pa), respectively. The subscripts m, X, and r refer 534 
to the melt phase, crystal phase, and the mush/country rocks, respectively. ∆P indicates the 535 
overpressure, i.e. the chamber pressure minus the lithostatic pressure. ηr is the effective 536 
viscosity of the surrounding shell. 537 
 538 
The crystallization in the chamber is described by a parameterized relationship between the 539 
temperature and the crystal volume fraction defined by equation (13) in Huber et al. (2009). 540 
We use an exponent of b=0.5, 700°C for the solidus and 950°C for the liquidus temperature, 541 
which are values representative for silicic magmas. We assume water is the dominant volatile 542 
species. We use the solubility model of Zhang (1999) as parameterized in equation (16) of 543 
Dufek and Bergantz (2005), suitable for water in rhyolite. To determine the density of the 544 
exsolved volatile phase we use the modified Redlich-Kwong relationship of Halbach and 545 
Chatterjee (1982) as parameterized in equation (7) of Huber et al. (2010). 546 
 547 
1.3 Boundary conditions 548 
We assume that magma is supplied continuously from deeper levels in the crust at a constant 549 
rate, which we vary between 10-5 and 10-3 km3/yr in agreement with long-term rates 550 
suggested for volcanic systems (White et al., 2006). The temperature of the injected magma 551 
is assumed to be the 927°C (1200K) and its water content is equal to the initial water content 552 
of the chamber. 553 
 554 
Mass withdrawal due to eruptions occurs when overpressure in the magma chamber reaches 555 
a critical overpressure of 20 MPa (40 MPa was also tested and lead to similar results). The 556 
value of a critical overpressure is uncertain and has been suggested to fall anywhere between 557 
1 and 100 MPa (Grosfils 2007; Gudmundsson, 2012, Grosfils et al., 2015). The values we use 558 
here are based on scaling arguments based on the cooling of a dike (Jellinek & DePaolo, 2003, 559 
Rubin, 1995). We also require that the magma remains mobile for an eruption to occur. The 560 
physical properties of the magma removed from the chamber are set equal to those within 561 
the chamber. We simply set this criterion equivalent to having less than or equal to 0.5 crystal 562 
volume fraction, a value commonly used (Marsh, 1981). Once this crystal volume fraction is 563 
reached through sufficient cooling, the calculation is stopped. 564 
 565 
The heat loss from the chamber to the surroundings is determined at each time step from an 566 
analytical solution whereby the chamber is considered a hot sphere sitting in a larger sphere 567 
with a radius ten times the radius of the initial chamber. The initial temperature profile 568 
between the inner and outer sphere is assumed to be at steady state and thus assumes a 569 
mature plumbing system. The temperature at the inner boundary is that of the magma 570 
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chamber and that at the outer boundary is set at a constant value in accordance with the 571 
crustal temperature in the far field at the depth of the magma chamber. To obtain this 572 
temperature we assume a geothermal gradient of 30°C/km for all the calculation in the main 573 
paper. In the next section we examine the influence of a hotter geotherm (40°C/km), as well 574 
as varying this temperature independently from the assumed depth of the chamber. The 575 
temperature profile evolves over time in response to changes in temperature of the magma 576 
chamber taking into account the history of the temperature changes (see appendix A.4 in 577 
Degruyter and Huber (2014)). From this profile the heat flow rate emanating from the 578 
chamber is calculated.  579 
 580 
The temperature profile of the shell is also used to determine ηr, the effective viscosity of the 581 
surrounding shell. At each position 𝑧 in the shell a viscosity 𝜂(𝑧) is determined using an 582 
Arrhenius law 583 
𝜂(𝑧) = 𝐴𝑒
(
𝐺
𝐵𝑇(𝑧)
)
    (S7) 584 
with A=4.27x107 Pa s a material dependent constant, G= 141x103 J/mol the activation energy 585 
for creep flow, B=8.31 J/mol/K the molar gas constant, 𝑇(𝑧) the temperature at that position 586 
in the shell. We base equation (S7) on the discussion of (Jellinek & DePaolo, 2003) that uses 587 
values for Westerly granite with 0.1 wt water based on experiments from Hansen and Carter 588 
(1983) . The effective viscosity of the shell is calculated from averaging across the radially 589 
varying viscosity within the shell following the method of Lensky et al. (2001). See appendix 590 
A.5 in Degruyter and Huber (2014) for further details. 591 
 592 
1.4 Initial conditions 593 
Together with recharge rate, three initial conditions are varied to explore parameters space. 594 
The initial pressure is set equal to the lithostatic pressure. Assuming a crustal density of 2750 595 
kg/m3 and a storage depth between 6 and 12 km, we evaluate storage depth between 1 and 596 
3 kbar. The choice of depth also determines the temperature of the outer shell of the 597 
surroundings, which is calculated using the geothermal gradient as discussed in the previous 598 
section. The initial volume of the chamber ranges between 0.1 and 10 km3 and the initial 599 
magma water content ranges from 4 to 7 wt%. The initial temperature and density of the melt 600 
and crystal phase are the same for all calculations and are 927°C (1200 K), 2400 kg/m3, and 601 
2600 kg/m3, respectively. 602 
 603 
 604 
2. The effect of different crustal geotherms 605 
We ran additional simulations with a hotter far-field geotherm to test how it influences the 606 
most favorable depth of emplacement of a magma reservoir over various conditions (depth, 607 
water content in the magma, initial volume and recharge rate). It is important to note however 608 
that the near-field temperature field around the chamber (here near-field refers to a distance 609 
shorter than 10 times the chamber radius) is initially set to be at steady-state with the hot magma 610 
reservoir (thermally mature crust) and is solved analytically accounting for the temperature 611 
variation in the chamber at any subsequent time. The far-field geotherm is therefore influencing 612 
the boundary condition in the far-field only. As expected, the results obtained with a hotter 613 
geotherm 40°C/km are very similar to the results we obtained with 30°C/km. The main 614 
difference is that the maximum depth for an eruptible magma reservoir is shallower (lower 615 
pressure) for the higher geotherm simulations, as expected.  616 
 617 
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 618 
Figure S2. Example of simulations of magma chamber evolution under a higher far-field geotherm (40 °C/km). The 619 
main conclusions from the lower T far-field geotherm still hold true, the boundary between regime 1 and 2 is shifted to lower 620 
pressure (shallower depth) as expected from a warmer crust, albeit by < 0.5 kbar for the larger chambers (even less for smaller 621 
chambers). 622 
 623 
We conducted a series of magma chamber simulations to establish whether the sweet 624 
spot observed in Figure 2 and S2 (in pressure or depth range, where magma chambers can 625 
both grow and erupt), is robust when considering a wide range of pressure-temperature (P-626 
T) crustal conditions (Figs. S3 and S4 show results for an initial magma water content of 4 and 627 
6 wt.%, respectively). The temperature on the x-axis in these figures corresponds to the 628 
temperature assumed at the outer boundary of the surrounding shell as explained in section 629 
1.3 above. This is equivalent to the “unperturbed” crustal temperature at the same depth as 630 
the centroid of the magma chamber in the far-field. Some of the most extreme P-T conditions 631 
explored are not realistic and we bracketed the most likely conditions between two 632 
endmember geotherms of 30 and 50°C/km. In all cases, we observe that magma chambers 633 
shrink in mass at the lowest pressure (in general a depth corresponding to pressures below 634 
1.5 kbar) while growth (by mass) is promoted at higher pressure. We also find that eruptions 635 
are suppressed when considering far-field crustal temperature at an equivalent depth that go 636 
beyond a critical temperature that ranges between 250 and 375°C and equivalent pressure 637 
ranging from 2 to 3 kbar in our simulations. The variation in critical temperature and pressure 638 
marking the transition from an eruptible to a non-eruptible chamber is mostly driven by the 639 
size and recharge rate of the chamber, which again supports the importance of conditions 640 
such as the volume of the chamber and recharge rate of magma on the brittle-ductile 641 
transition.  642 
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 643 
Figure S3. P-T regime diagrams showing the regimes of growth and eruption of subvolcanic magma chambers in a 644 
dryer scenario (magma with initially 4 wt % water). We selected two endmember geothermal gradients which bracket the 645 
most reasonable range of P-T conditions for magma chamber evolution.  646 
 647 
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 648 
Figure S4. Similar diagram as Figure S3, but considering a wet magma with initially 6 wt % water.  649 
 650 
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